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Summary: The Jan Mayen microcontinent is a small, unique, crustal entity that was separated from the 
Norwegian and Greenland margins by two distinct rifting events.  Seafloor spreading along the Aegir Ridge 
separated Jan Mayen (together with Greenland) from Norway by ca. 54 Ma. Cessation of seafloor spreading 
on the Aegir Ridge at ca. 30 Ma was more or less simultaneous with the onset of extension along the 
Kolbeinsey Ridge between Jan Mayen and Greenland. Break-up along the Kolbeinsey Ridge by ca. 23 or 20 
Ma isolated the Jan Mayen microcontinent. Several scenarios have been put forward to explain the 
formation of microcontinents and continental fragments: (1) inherited faults or lateral inhomogeneities in 
lithospheric rheology that localise deformation in multiple locations, (2) strain localisation by 
serpentinization or magmatic underplating, (3) back-arc extension related to slab rollback, (4) local 
misalignment of rift axes, (5) multiphase rifting, and (6) magmatic influence of mantle plumes. We use 
geodynamic numerical experiments in 2-D and 3-D to test scenarios of microcontinent formation that are 
pertinent to the tectonic setting of Jan Mayen. We illustrate how these scenarios produce different 
topographic, structural, and heat flow signals. Our results demonstrate that inherited structural 
inhomogeneities can serve to focus the location of initial rifting on multiple rifts, but will not lead to crustal 
break-up in more than one location. Ultraslow extension, multiple stages of rifting, or a crustal rheological 
structure with a weak middle crust will all produce continental fragments, but not a microcontinent. This 
clearly illustrates that a second process is necessary to initiate rifting on the other side of a continental 
fragment once seafloor spreading is underway on one side, thus turning the fragment into a microcontinent. 
We invoke the influence of hot, molten plume material related to the Iceland Plume, which was at a location 
near the western edge of future Jan Mayen at approximately 40–30 Ma. In our 2-D numerical experiments, 
we show that a plume impacting on the lithosphere can re-initiate a failed rift and create a microcontinent. 
The melt migrating from the rising plume underplates the continental crust and induces break-up in the 
formerly failed rift at the expense of the initial successful rift. This scenario of microntinent formation 
explains a fast jump in rift location similar to what is deduced for Jan Mayen. 
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1. INTRODUCTION: SCENARIOS OF MICROCONTINENT FORMATION 
Microcontinents, such as Jan Mayen and the Seychelles, are small, stretched pieces of 
continental crust that are surrounded by oceanic crust on all sides (Fig. 1) (Scrutton, 1966). 
This description separates microcontinents from continental fragments, such as Hatton Bank 
and Rockall Bank, which are still connected to the continental mainland by thinned crust or 
serpentinized mantle. Microcontinents have an average crustal thickness of 23–25 km 
(Tetreault and Buiter, 2014; 2015), which suggests that these regions have undergone 
moderate amounts of stretching in comparison with the average 41 km thickness of 
continental crust (Christensen and Mooney, 1995).  
 

 
Figure 1: Map of microcontinents and continental fragments. Modified from Tetreault and Buiter 
(2014). 
 
The formation of microcontinents poses an intriguing scenario of continental deformation 
because it requires strain localisation at different locations in an extending continent to occur 
either simultaneously or subsequently. This presents a mechanical challenge because of the 
innate physical difficulty in maintaining continental stretching in multiple locations or 
especially in initiating stretching at a new location once rifting and continental thinning has 
already rendered the crust in a nearby location thin and weak. This physical challenge has led 
to many different hypotheses for how microcontinents and continental fragments form:  
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1) Microcontinents could form by more-or-less simultaneous localisation of extension in 
regions of pre-existing weaknesses that are inherited from earlier continental collisions. 
Many continental rifts form on ancient sutures zones (Buiter and Torsvik, 2014). 
Because sutures can be several hundreds of kilometres wide, include deep-rooting 
thrusts, and juxtapose terranes of different lithologies and strengths, they offer multiple 
locations for localisation of continental extension. In fact, this mechanism leading to the 
localisation of deformation in multiple rifts has been used to account for the Mesozoic 
basins surrounding the continental fragments off of the Irish Margin (Shannon, 1991).  
Specifically, the Rockall, Hatton, and Faroe-Shetland basins and basement lineations in 
the Rockall and Hatton Banks run parallel to Caledonian trends (Naylor and Shannon, 
1995). Also the interplay of inheritance with the evolution from moderate stretching, to 
thinning, and then to local exhumation of the continental lithosphere at passive margins 
may isolate continental ribbons (or continental fragments) (Péron-Pinvidic and 
Manatschal, 2010) (Figs. 2, 3). The first stages of extension result in overall stretching 
of the continental lithosphere. With ongoing extension, the thinning phase localises 
deformation along a few major faults at the borders of rheologically stronger blocks. 
This localisation will be aided by inherited structures (Péron-Pinvidic and Manatschal, 
2010). In the exhumation phase, large detachment faults exhume lower crustal and 
mantle rocks. Due to rheological heterogeneities, not all regions of highly thinned crust 
or exhumed mantle will proceed to break-up and seafloor spreading, which may result 
in the isolation of continental fragments. 

2) Several continental fragments and their surrounding basins are underlain by a seismic 
high-velocity layer, which is interpreted as either mafic underplating or serpentinised 
mantle. Examples are, among others, Seychelles, Mendeleev Ridge, Lousy Bank and 
Hatton Bank (Tetreault and Buiter, 2014) (Fig. 4). Serpentinization or underplating may 
create multiple weak zones in a wide rift region that may localise strain and thus aid 
microcontinent formation (Lundin and Doré, 2011; Armitage et al., 2011). However, 
serpentinization of mantle rocks starts in presence of water at temperatures of 300–500 
°C constraining the process to depths of <10 km (Escartin et al., 1997; Mével, 2003; 
Hirth and Guillot, 2013). Therefore serpentinization is an unlikely factor in influencing 
crustal strength during the earlier stages of rifting. A structural review of the North 
Atlantic passive margins indicates that the high volumes of magma on the volcanic 
margins of the North Atlantic were emplaced at the latest stages of passive margin 
formation (Peron-Pinvidic et al., 2013). Because serpentinization and underplating 
occur relatively late in the rifting process, they cannot be the primary cause of strain 
localisation at multiple locations. Our numerical experiments confirm that while 
serpentinization may help to maintain rifting once it has localised, it does not aid the 
formation of microcontinents (Tetreault and Buiter, 2013). 

3) Back-arc extension related to roll-back of a subducting slab may create the extensional 
stresses necessary for rifting fragments from a continent. Localisation of extension in 
the overriding plate is aided by subduction processes such as slab dehydration and 
mantle wedge hydration in combination with mantle corner flow, which cause 
weakening of the overriding plate. As an example, the Lord Howe Rise was rifted from 
Australia by late Cretaceous opening of the Tasman Sea above a retreating slab 
(Schellart et al., 2006; Sdrolias et al., 2003).  

4) The misalignment of rift axes and their subsequent linkage may isolate microcontinents. 
The Danakil horst in the Afar region may be described as a nascent microcontinent. 
Recent independent movement of the Danakil block relative to Nubia, Arabia and 
Somalia suggests that the Red Sea and Aden rifts could link through Afar. The Red Sea 
would then be abandoned and the Danakil would become a microcontinent (Eagles et 
al., 2002). Gernigon et al. (2012) suggest that Jan Mayen may have been isolated by an 
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overlap of two active ridge systems: the Aegir Ridge on the east and the northward 
propagating Reykjanes Ridge that created the Kolbeinsey Ridge on the west side of Jan 
Mayen. 

 
 

 
Figure 2: Schematic evolution of a continental rift system from overall stretching (top), through 
localisation of deformation along a few faults in the thinning phase and the exhumation of mantle 
rocks (middle), to finally the isolation of continental ribbons (below). Figure from Péron-Pinvidic and 
Manatschal (2010). 
 

 

 
Figure 3: Examples of 2-D dynamic models of the formation of continental fragments during different 
scenarios of passive margin formation. The results show a zoom of the 1000x410 km total model 
domain. The initial rheological layering is shown to the right. a) In a regime of ultraslow extension 
(overall extension velocity 0.2 cm yr-1), two crustal regions are continuously thinned simultaneously, 
leaving a crustal block of mainly middle and lower crustal material. b) In this figure, continental 
fragments are created with moderate extension rates (1 cm yr-1) and a spontaneous jump in rifting 
location. The deflection of the mantle upwelling, caused by the deflection of strain in the ductile lower 
crust, leads to an abandoned continental fragment. After Tetreault and Buiter (in prep.). 
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5) A lateral migration of the rift axis away from the continent, by multiple rift jumps, may 

isolate continental blocks. In multiphase rifting, phases of extension are separated by 
phases of tectonic quiescence during which conductive cooling may harden the initial 
rift site sufficiently to produce rift migration once extension resumes, thus isolating 
continental blocks (Braun, 1992; Naliboff and Buiter, 2015) (Fig. 5). This scenario 
always predicts different ages of rifting on each side of the continental fragment. The 
numerical experiments of Naliboff and Buiter (2015) indicate that tectonic quiet periods 
of over 20–60 Myrs between rifting stages are necessary to produce a jump in rift 
location. 

6) Rifting may be guided away from locations of ongoing lithospheric thinning and jump 
towards a warm, weak region created by a mantle plume. Several microcontinents show 
close association with a hotspot, such as the Seychelles, Jan Mayen, and the Gilbert 
Seamount Complex (Müller et al. 2001, Gaina et al. 2003, 2009; Buiter and Torsvik, 
2014). The close temporal relationships of break-up and flood basalt emplacement 
around the Seychelles microcontinent serve to illustrate that in many regions the debate 
regarding plume-assisted break-up versus magmatism caused by break-up is still very 
active (White and McKenzie, 1989; Todal and Eldholm, 1998; Collier et al., 2008). The 
Seychelles formed during break-up of Gondwana. In the Late Cretaceous, India and 
Seychelles rifted from Madagascar, opening the Mascarene Basin (Coffin and 
Rabinowitz, 1988; Müller et al., 1997). Spreading in the Mascerene Basin ceased 
progressively southward from ca. 67 to 59 Ma (Bernard and Munschy, 2000). Rifting on 
the east side of the Seychelles took place in stages. Rifting probably first occurred in the 
Gop Rift between India and the Laxmi Ridge, from ca. 71–66 Ma to ca. 56 Ma (Collier 
et al., 2008; Yatheesh et al., 2009). At this time, extension was therefore ongoing on 
both sides of the Seychelles. Break-up between the Laxmi Ridge and Seychelles at the 

 

 

 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
Figure 4: 
Compilation of 
seismic velocity 
profiles of present-
day microcontinents 
and continental 
fragments. From 
Tetreault and 
Buiter (2014, 
2015). 
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Carlsberg Ridge was younger, probably 63–62 Ma (Collier et al., 2008; Ganerød et al., 
2011). This was shortly after the main eruption at 65 Ma of the Deccan large igneous 
province (Eldholm and Coffin, 2000; Courtillot and Renne, 2003), making it tempting 
to relate break-up to plume activity. In this plume-induced rift jump scenario, rifting 
may have been ongoing on both sides of the future microcontinent, with the plume 
teasing the active rift centre towards the other side, or rifting may be sequential through 
a rift jump.  

 
 

 
Figure 5: Example of multiple stages of rifting separated by a tectonic quiet period in a numerical 
experiment (from Naliboff and Buiter, 2015). Zoom to the centre of a 1000 by 240 km finite-element 
model. Rifting begins with an overall extension velocity of 0.5 cm yr-1 during 85 Myr (creating the rift 
at x = 550 km), followed by 60 Myr cooling, and finally by a further 15 Myr of rifting. During the 
second rift phase, rifting jumps to the left ultimately leading to break-up there and creating a 
continental fragment.  
 
The above scenarios of the formation of microcontinents and continental fragments predict 
different ages of rifting on each side of a continental fragment (sequential and/or simultaneous 
rifting) and have different implications for the thermal environment in which rifting proceeds 
and sedimentary basins would form. Rifting in the presence of plumes or above a subduction 
zone would predict elevated crustal and lithospheric temperatures in comparison with rifting 
proceeding in magma-poor environments. 
 
Previous numerical experiments show that the formation of microcontinents in a scenario of 
orthogonal (in 2-D experiments) passive margin evolution only occurs in special cases of 
ultraslow extension, or with a weak lower crust, or in systems where extension is interrupted 
by tectonic quiet phases (Tetreault and Buiter, in prep.; Naliboff and Buiter, 2015; Figs. 3 and 
5). The few other numerical studies that have succeeded in creating a microcontinent have 
emplaced additional weak zones after rifting has begun. Yamasaki and Gernigon (2010) 
instantaneously emplaced a hot region (representing underplated mafic bodies) in the 
uppermost lithospheric mantle, without considering melting, and follow with emplacement of 
a similar hot region 100 km away after a certain amount of time has passed. Extension is 
initiated in the first emplaced hot body and may shift to the second body depending on the 
time offset, the lateral distance between the two bodies, and the temperature anomalies. While 
the numerical experiments do not create multiple extending regions in a dynamic manner and 
the ad-hoc emplacement of the mafic bodies controls the localisation of extension, it does 
confirm that extension only migrates in 2-D if the new future centre of extension is weak 
enough. Armitage et al. (2010) used finite-element models to examine rifting between India 
and the Seychelles in the Gop Rift and the Carlsberg Rift. Seafloor spreading in the Gop Rift 
is modelled as occurring above a hot mantle layer, which represents incubated Deccan (flood 
basalt) material that had spread laterally underneath the lithosphere. In the numerical 
experiment, the migration of extension from the Gop Rift to the Carlsberg Rift is imposed in 
order to estimate melt volumes, seismic velocity, and rare earth element chemistry of the melt. 
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So far only a very few geodynamic models of microcontinent formation in 2-D or 3-D exist 
and none have examined the influence of a rift jump towards a plume. 
 
This report aims to apply scenarios of microcontinent formation to the Jan Mayen 
microcontinent. We first discuss the tectonic setting of Jan Mayen (Chapter 2), the timing of 
break-up, and scenarios for Jan Mayen formation from literature (Chapter 3). We then use 
dynamic numerical experiments computed with SULEC (Chapter 4) to test the following 
scenarios: 1) isolation of Jan Mayen that is initiated simultaneously on its western and eastern 
sides on inherited structures (in 2-D and 3-D, scenarios 1 and 4 above), and 2) isolation of Jan 
Mayen through a westwards rift jump towards the Iceland plume (in 2-D, scenario 6 above) 
(Chapter 5). The plume models include melt generation, migration and emplacement. These 
scenarios will clearly differ in terms of heat input into the system and the expected 
temperature evolution. We therefore specify surficial heatflow and the initial thermal structure 
of the models in addition to the evolution of lithology, topography, velocities, temperatures 
and viscosity. 
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2. THE TECTONIC SETTING OF JAN MAYEN 
The Jan Mayen microcontinent lies in the North Atlantic Ocean between Norway and 
Greenland around latitude 70 ºN (Fig. 6). It is bound by the Kolbeinsey Ridge to the west, the 
extinct Aegir Ridge to the east, and the Jan Mayen Fracture zone and the Mohns Ridge to the 
north. Parts of proto-Jan Mayen were involved in the Caledonide collision (430–420 Ma) 
between Norway and Greenland. At that time, future Jan Mayen was located adjacent to what 
is now the Møre Margin of Norway and Jameson Land and the Blosseville Kyst of Greenland 
(Brekke et al., 2008). Break-up between Greenland and Jan Mayen on the one side and 
Norway on the other occurred ca. 55–53 Ma after a long period of several rifting phases that 
started in the Carboniferous (Talwani and Eldholm, 1977; Doré, 1991; Torsvik and Cocks, 
2005). At this stage, the Mohns Ridge may have connected to the Aegir Ridge. The Aegir 
Ridge was abandoned at some time between 34 and 25 Ma (Gaina et al., 2009; Seton et al., 
2012) and a ridge jump towards Greenland isolated Jan Mayen by ca. 23–20 Ma (Gaina et al., 
2009; Gernigon et al., 2012). There is still uncertainty regarding the timings of rift initiation 
and cessation and this is discussed further in Chapter 3. After the ridge jump, the Mohns 
Ridge linked to the Kolbeinsey Ridge and Jan Mayen became part of Eurasia. 
 

 
Figure 6: The present-day setting of Jan Mayen with the North Atlantic Igneous Province (Coffin and 
Eldholm, 1992; Ganerød et al., 2010) superimposed on a map of oceanic crust ages (Müller et al. 
2008). The general outline of continental crust under the Jan Mayen microcontinent is shown in dark 
grey and regions of voluminous magma are shown in purple. Light grey areas offshore have no 
identified magnetic anomalies and therefore no assigned age in Müller et al. (2008). JMFZ = Jan 
Mayen Fracture Zone. 
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The Jan Mayen microcontinent is composed of a few continental blocks, including the main 
north-south trending Jan Mayen Ridge and the Southern Ridge Complex, and likely extends 
further south than shown in Figure 6 (Foulger, 2006; Péron-Pinvidic et al., 2012a; Norwegian 
Petroleum Directorate, 2013; Torsvik et al., 2015). The Jan Mayen Trough separates the 
Southern Ridge Complex from the Jan Mayen Ridge. The present-day crustal thickness (not 
including sediments) of Jan Mayen varies from 7 to 24 km based on seismic refraction data 
(Kodaira et al., 1998; Kandilarov et al., 2012; see compilation in Tetreault and Buiter, 2015) 
and is thus substantially less than the crustal thickness of ca. 40 km onshore Norway (away 
from the margins) (Ottemöller and Midzi, 2003; Stratford et al., 2009). 
 
The Jan Mayen Ridge is a narrow feature (<100 km wide) with an asymmetric crustal 
thickness (Fig. 7). To the west, the Jan Mayen Ridge gently thins into the Jan Mayen Basin, 
whereas to the east the continent-ocean transition abuts the ridge. The Jan Mayen Ridge and 
Southern Ridge Complex can be divided into two crustal layers. The upper crust has P-wave 
velocities ranging from 5.8–6.5 km s-1 and the lower crust has velocities of 6.7–7.0 km s-1 
(Kodaira et al., 1998; Breivik et al., 2012; Kandilarov et al., 2012) (Fig. 7). The transition 
from continental crust to oceanic crust at the western margin of the Jan Mayen Ridge and the 
eastern margin of the Jan Mayen Basin is abrupt and based on interpreted oceanic affinity for 
crustal velocities. The lower crust in the ocean floor under the Norway Basin has values of 
7.0–7.25 km s-1, which are much greater than the typical continental values for that depth 
(Breivik et al., 2012).  Seismic Profile 8-00 (Fig. 7) traverses the magmatic eastern margin of 
the Jan Mayen Ridge, but no magmatic underplating is convincingly identified (see also 
Kodaira et al., 1998). Breivik et al. (2012) suggest that the increase in seismic velocities in the 
lower crust to 7.0 km s-1 on the eastern margin of the Jan Mayen Ridge is evidence for 
magmatic underplating. However, these values are a bit low to be definitely considered 
magmatic, when compared to the velocities of typical underplated regions such as the Hatton 
Bank and Faroes (7.25–7.5 km s-1). Nevertheless, the presence of some amount of basalt flow 
and intrusions in the sedimentary layers above the basement, in addition to seaward-dipping 
reflectors (SDRs) on the eastern margin of Jan Mayen, allow this margin to be characterized 
as ‘magmatic’. 
 
The continental flood basalts of the North Atlantic Igneous Province (NAIP) were emplaced 
in East and West Greenland, the Faeroe Islands and the British Isles (Saunders et al., 1997; 
Storey et al., 2007; Ganerød et al., 2010) (Fig. 6). The initial eruption at 63–61 Ma occurred 
before the plate separation of Europe and Greenland, but magmatism continued until after 
continental break-up. The average melt production rate increased by over an order of 
magnitude at 56 Ma, coinciding with continental break-up, and decreased drastically by 50 
Ma (Storey et al., 2007). The NAIP flood basalts may link to the Iceland hotspot, but the 
validity of this link crucially depends on the location of the Iceland plume through time 
(Saunders et al., 1997; Storey et al., 2007; Meyer et al., 2007; Hansen et al., 2009; Ganerød et 
al., 2010). As discussed above, the eastern margin of Jan Mayen can be classified as 
magmatic based on SDRs, volcanic intrusions in sedimentary layers, and perhaps magmatic 
underplating (Skogseid and Eldholm, 1987; Mjelde et al., 2008; Breivik et al., 2012). In 
contrast, the western margin of Jan Mayen has been classified as non-volcanic (Gudlaugsson 
et al., 1988; Kodaira et al., 1998). However, sill-like intrusions occur in the sedimentary 
stratigraphy of possible late Oligocene–early Miocene age, which could be related to the 
break-up between Greenland and Jan Mayen (Gudlaugsson et al., 1988; Péron-Pinvidic et al., 
2012a), and Mjelde et al. (2008) infer a thicker than average oceanic crust that they relate to 
increased magmatic influence of the Iceland plume. 
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Figure 7: Location map of published seismic refraction lines that cross the Jan Mayen 
microcontinent.  Lines modified from Kodaira et al. (1997), Breivik et al. (2012), and Kandilarov et al. 
(2012). Vertical exaggeration is 4:1. 
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3. SCENARIOS FOR FORMATION OF THE JAN MAYEN MICROCONTINENT 
The Jan Mayen microcontinent was isolated by abandonment of the Aegir Ridge on its eastern 
side and a ridge jump to the Kolbeinsey ridge on its western side. The crucial question 
regarding the formation of the microcontinent is: what could have caused the ridge jump? 
Once seafloor spreading was underway at the Aegir Ridge, oceanic mantle at this spreading 
centre would have been shallow, hot (>1300 ºC) compared to the surrounding cooled crust 
and thus weaker, making it very difficult to tease rifting away to a new rift centre within what 
was then possibly thinned continental crust of the Jan Mayen Basin between the Jan Mayen 
Ridge and Greenland. For any scenario of the formation of Jan Mayen, the time of cessation 
of seafloor spreading at the Aegir Ridge and the time of initiation of seafloor spreading at the 
Kolbeinsey Ridge is crucial because that determines whether both spreading centres were 
simultaneously active or whether there was a jump in time as well as location. In addition, 
though the time of emplacement of the NAIP flood basalts is well constrained, the position of 
their possible feeder plume, the Iceland plume, is less certain and depends on whether a fixed 
or moving mantle plume is assumed (Lawver and Müller, 1994; Mihalffy et al., 2008). 
 
Stretching between Norway and Greenland occurred in several phases from the Carboniferous 
to the Paleogene, making it likely that extension also thinned the crust in the regions where 
the Aegir and Kolbeinsey Ridges later developed. The Jan Mayen microcontinent itself 
probably also experienced deformation related to late Cretaceous–Late Palaeocene rifting 
(Gaina et al., 2009). The first clearly identified magnetic anomaly between Jan Mayen (with 
Greenland) and Norway is anomaly 24 (Talwani and Eldholm, 1977; Nunns 1983), although 
older linear magnetic anomalies occur locally in the NE Norway Basin (Gaina et al., 2009). 
This places the initiation of seafloor spreading on the Aegir Ridge at ca. 55–53 Ma. Break-up 
regionally propagated from northeast to southwest in the Norway Basin (Gernigon et al., 
2012; Péron-Pinvidic et al., 2012b). The Aegir Ridge seems to have failed to link to the active 
ridge in the northeast Atlantic Ocean to the south of Jan Mayen (the Reykjanes Ridge) (Gaina 
et al., 2009), but may have linked to the Mohns Ridge to the north. Problematic seafloor 
spreading in the Aegir Ridge caused Jan Mayen to rotate counter-clockwise and led to the 
development of fan-shaped magnetic anomalies in the Norway Basin (Talwani and Egholm, 
1977; Gaina et al., 2009; Gernigon et al., 2012). 
 
The time of cessation of seafloor spreading at the Aegir Ridge has been placed between ca. 25 
Ma (anomaly C7) to 34 Ma (anomaly C13) (Talwani and Eldholm, 1977; Nunns, 1983; Jung 
and Vogt, 1997; Gaina et al., 2009; Gernigon et al., 2012). This range in interpreted ages 
likely occurs because magnetic anomalies between C12 (30.9–30.4 Ma) and C7 (24.8–24.7 
Ma) are difficult to resolve due to the ultra-slow spreading character of the ridge during its 
last phases (Jung and Vogt, 1997). Because the final phases of spreading are very slow and 
disorganized, concurrent with the formation of several fracture zones, not much overall 
extension is recorded. We therefore follow the model of Gaina et al. (2009) and place the 
cessation of spreading at ca. 30 Ma. 
 
The Aegir Ridge has a comparatively thin crust of 4–5 km thickness (Breivik et al., 2006), 
which could point to cool (normal) asthenospheric temperatures in the Oligocene (Greenhalgh 
and Kusznir, 2007). In the Miocene, asthenospheric temperatures likely were more elevated to 
produce the magmatic margin (Greenhalgh and Kusznir, 2007). Alternatively, Breivik et al. 
(2006) suggest the unusually thin oceanic crust of the Aegir Ridge is caused by northeast 
transport of depleted mantle from the magmatic Greenland-Iceland-Faeroe Ridge area to the 
Norway Basin. 
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Prior to break-up, stretching occurred between Jan Mayen and Greenland, possibly beginning 
around the Palaeozoic-Mesozoic (Kodaira et al. 1998; Gaina et al., 2009; Péron-Pinvidic et 
al., 2012b). Gaina et al. (2009) suggest that the Jan Mayen Basin (west of Jan Mayen) may 
have initiated in the Cretaceous and then later reactivated during final rifting leading to break-
up between Jan Mayen and Greenland. The initiation of seafloor spreading on the Kolbeinsey 
Ridge has been placed at ca. 25–24 Ma (anomalies C7–C6c) (Talwani and Elhholm, 1977; 
Vogt et al., 1980), but the precise timing is unclear and could likely be older (Gaina et al., 
2009; Péron-Pinvidic et al., 2012a; Gernigon et al., 2012). The Kolbeinsey ridge propagated 
from south to north. Gaina et al. (1990) suggest that the Kolbeinsey Ridge completely 
detached the southern part of Jan Mayen by C6 (20 Ma) and that a connection between the 
Kolbeinsey Ridge and the Mohns Ridge to the north was established via the Jan Mayen 
Fracture Zone by C5 (10.9 Ma). Gernigon et al. (2012) place complete break-up between Jan 
Mayen and Greenland slightly earlier at C6b (23–22.5 Ma).  
 
The initial phase of seafloor spreading along the Kolbeinsey Ridge was associated with minor 
magmatism, but Mjelde et al. (2008) infer increased magmatic influence of the Iceland plume 
ca. 2 Myrs after break-up based on the thicker than average oceanic crust (Fig. 8). Kodeira et 
al. (1998) also suggest a slightly hotter than normal asthenosphere, possibly due to the 
influence of the Iceland plume. They explain the observation of only minor amounts of 
extrusive and intrusive volcanics by conductive heat loss because of the long duration of 
rifting. 
 
We follow the kinematic evolution of the Jan Mayen microcontinent from the most recent 
reconstructions of Gaina et al. (2009), Gernigon et al. (2012), and Péron-Pinvidic et al. 
(2012b) (Fig. 9). Figure 9 also shows the position of a stationary Iceland plume (fixed 
hotspot, Lawver and Müller, 1994) and the position of the Iceland plume if the effect of 
mantle convection is taken into account (moving hotspot, Mihalffy et al., 2008). The moving 
hotspot is closer to the future location of break-up than the fixed hotspot. However, even 
when plumes are offset from a rifting region, flow of warm plume material towards the rift (as 
an upside-down drainage flow, Sleep, 1997) could still weaken the rift area and thus help the 
lithosphere to achieve break-up (Buiter and Torsvik, 2014). 
 
The cessation of seafloor spreading on the Aegir Ridge by ca. 30 Ma (or latest by ca. 25 Ma) 
and the initiation of seafloor spreading on the Kolbeinsey Ridge by ca. 25 Ma (or perhaps 
slightly older) implies that if seafloor spreading occurred simultaneous on both sides of Jan 
Mayen, it could not have been for very long. These timings effectively rule out a scenario of a 
rift jump caused by multiphase extension (scenario 5 in Chapter 1) because that 
microcontinent formation model would require over tens of Myr cooling time on the Aegir 
Ridge before a rift jump would occur to the Kolbeinsey Ridge (Naliboff and Buiter, 2015). 
Subduction in the region had ceased after Caledonide collision at ca. 430–420 Ma, ruling out 
microcontinent formation by slab roll-back (scenario 3). The scenarios of microcontinent 
formation (Chapter 1) that we can consider for Jan Mayen are therefore non-simultaneous 
localisation of extension in regions of pre-existing heterogeneity (scenario 1), a misalignment 
of rift axes (scenario 4), or a rift jump towards a mantle plume (scenario 6) (Fig. 10). We will 
test these scenarios in Chapter 5.  
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Figure 8: Simple conjugate margin reconstruction from Mjelde et al. (2008) using crustal structure 
from seismic refraction analyses. a) Break-up at 55 Ma is suggested to have been slightly asymmetric. 
b) Seafloor spreading on the Aegir Ridge visualised at 52 Ma, c) Section at 25 Ma shows the Jan 
Mayen basin just before break-up. d) Smoothed and interpreted present-day transect based on ocean 
bottom seismograph surveys. AR = Aegir Ridge, COB = Continent-Ocean-Boundary detachment, JMR 
= proto Jan Mayen Ridge, LLE = Liverpool Land Escarpment (detachment), MM = Møre Margin, 
and SDR = Eocene Flood Basalt/Seaward Dipping Reflectors.  
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Figure 9: 
Kinematic 
evolution of the 
Jan Mayen 
microcontinent 
(JMMC). From 
Péron-Pinvidic et 
al. (2012b) (which 
was modified from 
Gaina et al. (2009) 
and Gernigon et 
al. (2012)). Fixed 
hotspot position 
from Lawver and 
Müller (1994), 
moving hotspot 
from Mihalffy et al. 
(2008). 
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Figure 10: Cartoons of Jan Mayen scenarios to test with numerical experiments in Chapter 5. A) 
Approximate location of section. B1) Norway-Greenland in the Cretaceous. B2 and B4) Reactivation 
of inherited structures leads first to break-up at the Aegir Ridge. B3) Subsequent reactivation of 
inherited structures or far-field forces lead to break-up at the Kolbeinsey Ridge. B5) Break-up at the 
Kolbeinsey Ridge is triggered by warm and weak material of the Iceland Plume arriving in the rift 
zone. 
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4. NUMERICAL MODELLING APPROACH 

4.1 Set of equations and modelling code SULEC 
We will test scenarios for formation of the Jan Mayen microcontinent with numerical models. 
This Chapter describes the numerical background for these models. We solve the 
incompressible momentum equation for slow creeping flows: 
 

€ 

∇ •σ '−∇P + ρg = 0
∇ • u = 0

           1 

 
ρ is density, g gravitational acceleration (written as a vector with gx = 0 and gy = 9.81 m s-2), 
and u velocity. The dynamic pressure P is computed using an iterative penalty (Uzawa) 
formulation (Cuvelier et al., 1986; Pelletier et al., 1989; Zienkiewicz and Taylor, 2000). We 
monitor the divergence of the velocity field (

€ 

∇ • u) as a convergence criterion for the 
accuracy of the pressure field (Pelletier et al., 1989). The deviatoric stress tensor σ’ relates to 
the deviatoric strain-rate tensor 

€ 

˙ ′ ε  following an effective viscosity ηeff: 
 

€ 

σ '= 2ηeff ˙ ′ ε 

˙ ′ ε ij = 1
2

∂ui
∂x j

+
∂u j
∂xi( )           2 

 
The materials in our models behave either viscous or plastic (brittle). Plastic failure occurs 
when the deviatoric stress reaches the yield stress: 
 

€ 

′ σ 2 = P sinφ + Ccosφ            3 
 
φ is the angle of internal friction and C is cohesion. We use a linear softening of the angle of 
internal friction between ϕ1 and ϕ2 (Table 1) over an interval of finite strain of 0.5–1.5. This 
mimics softening of shear zones because of foliation development, mineral transformations, 
and grain size changes (Mandl, 1988; Rice, 1992; Bos and Spiers, 2002; Lacroix et al., 2015). 
The effective viscosity for plastic flow is: 
 

€ 

η
eff

p =
P sinφ + Ccosφ

2 ′ ˙ ε 2
          4 

 
σ’2  and 

€ 

˙ ′ ε 2   are  the second invariants of the deviatoric stress tensor and strain-rate tensor, 

respectively 

€ 

′ σ 2 = 1
2 ′ σ ij ′ σ ij( )

1
2and ˙ ′ ε 2 = 1

2 ˙ ′ ε ij ˙ ′ ε ij( )
1

2 
 
  

 
 . Temperature-dependent power-law flow 

follows: 
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ηeff
v = 1

2 A
−1
nCOH

−r
nd

p
n ˙ ′ ε 2

1
n−1e

Q+PV
nRT           5 

 
A is the power-law exponent, n power, COH water content, r water exponent, d grain size, p 
grain size exponent, Q activation energy, V activation volume, R gas constant, and T 
temperature. For the sub-lithospheric mantle, the effective viscosity is a composite of 
dislocation and diffusion creep (van den Berg et al. 1993): 
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€ 

η =
1
ηdisl

+
1
ηdiff

 

 
  

 

 
  

−1

           6 

 
We use flow laws for wet quartzite for the upper-middle crust, wet anorthite or gabbro for the 
lower crust, and dry olivine for the sub-crustal mantle (Hirth et al., 2001; Rybacki et al., 2006; 
Zhou et al., 2012; Hirth and Kohlstedt, 2003). For typical lithospheric viscosities of 1022 –1024 
Pa s and a shear modulus of 5 x 1010 Pa, the Maxwell time is on the order of 6–600 kyr and 
the Deborah number << 1, indicating that elastic deformation is not expected to play a 
significant role (Reiner, 1964). We therefore ignore elastic deformation. The viscosity in the 
models is restricted to between 1018–1026 Pa s. This is sufficient to capture the behaviour of a 
rifted margin system where viscosities are expected to vary over several orders of magnitude. 
Density is temperature-dependent following the Boussinesq approach: 
 

€ 

ρ = ρ0 1−α T −T0( )( )            7 
 
ρ0 is the density at temperature T0 and α is thermal expansivity. 
 
Because non-Newtonian (power-law) viscous flow and the Boussinesq density are dependent 
on temperature, we additionally solve the heat equation: 
 

€ 

ρcp
∂T
∂t

+ u•∇T
 

 
 

 

 
 = k∇2T + H + 2 ′ σ 2 • ˙ ′ ε 2         8 

 
cp is specific heat, k thermal conductivity, H heat production, and 

€ 

2 ′ σ 2 • ˙ ′ ε 2  the shear heating 
term. 
 
We discretize the model domain with quadrilateral elements with a continuous linear velocity 
field and constant, discontinuous pressures. Material properties are stored on tracers and 
advected at the end of each time step with a second-order Runge-Kutta advection scheme. To 
keep code memory requirements reasonable, tracer density is maintained between 8 and 18 
per element, through tracer injection and deletion. We use harmonic averaging of tracers to 
elements for viscosity, and arithmetic averaging for density. The models have a true free 
surface that is achieved by column-wise slightly expanding or shrinking the Eulerian grid 
(Fullsack, 1995). We include a stabilisation term to stabilize numerical overshoot across 
density interfaces (Kaus et al., 2010; Quinquis et al., 2011). All material parameters used in 
our models are listed in Table 1. 
  
We solve the set of equations using the Arbitrary Langrangian-Eulerian finite-element code 
SULEC-2D. SULEC uses the direct solver PARDISO (Schenk and Gärtner, 2004). SULEC 
has been used for modelling subduction, collision and terrane accretion (Quinquis et al., 2011; 
Tetreault and Buiter, 2012; Ghazian and Buiter, 2013, 2014; Quinquis and Buiter, 2014), 
extension and rifting (Ellis et al., 2011; Tetreault and Buiter, in prep.; Naliboff and Buiter, 
2015) and has passed a wide range of analytical and community benchmark studies (e.g. 
Blankenbach et al., 1989; Crameri et al., 2012). 
 

4.2 Modelling of melt generation, migration and emplacement 
We calculate the generation and migration of melt in the mantle during extension based on the 
equations for decompression melting and two-phase flow. Melt generation is modelled by 
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calculating the degree of melting f using the peridotite parameterization of Katz et al. (2003). 
f(T,P) is the degree of melt that is possible to generate in the rock at temperature T and pressure 
P: 
 

€ 

f(T ,P ) =
T −Tsol
Tliq −Tsol  

 

  

€ 

Tsol =1085.7C + 132.9C ⋅GPa−1( )P − 5.1C ⋅GPa−2( )P 2

  
    9 

  

€ 

Tliq =1780C + 45.0C ⋅GPa−1( )P − 2.0C ⋅GPa−2( )P 2 
 
Tsol and Tliq are the temperature and pressure dependent solidus and liquidus curves for 
peridotite (Katz et al., 2003). The total depletion (D) that the rock has undergone is recorded 
because the melt will eventually be extracted and migrated away. The actual melt fraction M 
that is generated per time step is taken as the difference of the degree of melting from the total 
depletion: 
 

€ 

Mt = f(T ,P ,t ) − D∑   
         10 

 
Once an element has reached a depletion (

€ 

∑D) equivalent to or greater than the possible melt 
fraction, f(T,P), no more melt can be generated. 
 
The degree of depletion is advected along with the mantle material (the solid). But, the melt 
weight fraction, M, will vary locally due to extraction and migration (Schmeling, 2000). 
Following previous numerical studies (e.g. Ghods and Arkani-Hamed, 2000; Schmeling, 
2010; Gerya, 2013), we only assume melt is extracted and mobile after 2% of melt is attained 
in a rock. However, unlike most numerical experiments of extension and decompression 
melting, we allow melt to percolate and migrate to the surface instead of removing the melt 
fraction and instantaneously placing it at the surface to create oceanic crust. By including melt 
migration, we can include the influence of melt transport and intrusion on the extensional 
regime within our numerical experiments. This migration step is consistent with geochemical 
studies of MORBs (mid-ocean ridge basalts) that find that the depletion and enrichment of 
certain elements do not match the source rock and must therefore have been supplied by melt 
originating elsewhere (Fig. 11) (Kelemen et al., 1997). Melt is believed to migrate through 
tubes in the solid mantle, and melt mobility is reliant on the amount of melt (Kelemen et al., 
1997). We implement melt migration in our numerical experiments by calculating the velocity 
and displacement of melt based on the equations of two-phase flow. In two-phase flow, melt 
is migrated vertically in relation to the solid velocity, following Darcy’s law (McKenzie, 
1984; Spiegelman and McKenzie, 1987; Ghods and Arkani-Hamed, 2000). The melt velocity, 
vm, is determined from the following relationship: 
 

€ 

vm = vs −
kϕ
ϕµm

∇Pm + ρmgˆ z ( )         11 

 
vs is the velocity of the matrix solid (mantle material), kϕ the permeability, ϕ the melt volume 
fraction or porosity, µm the melt viscosity, ρm the melt density, g gravity, 

€ 

ˆ z  is the unit vector 
in the z-direction, and 

€ 

∇Pm  is the melt pressure gradient (McKenzie, 1984). The melt pressure 
gradient is due to matrix shear and compaction and is considered negligible when compared 
to the buoyancy factor (Scott and Stevenson, 1989; Mittelstaedt et al., 2011), and is therefore 
neglected in our calculations. We use a value of 10 Pa s for the melt viscosity, µm, which is 
within the range of 1 to 100 Pa s for basaltic to andesitic melt (Turcotte and Morgan, 1992). 
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We give the melt density, ρm, a constant value of 2800 kg m−3, following Spiegelman and 
McKenzie (1987) and Ghods and Arkani-Hamed (2000). 
 

 

Figure 11: Schematic drawing of melt generation, migration, 
and crystallization. Modified from Grove et al. (1992). 
 

 
Because we do not use a true two-phase flow system, we do not calculate the evolution of 
porosity and compaction. Instead, we take porosity to be equal to the melt volume fraction X, 
defined by McKenzie (1984) for a system with constant entropy, to be related to the melt 
weight fraction M. In our experiments we calculate the volume fraction relative to the 
depletion, which is the total weight fraction of melt produced by the rock: 
 

€ 

ϕ = X =
Dρs

ρm + D ρs − ρm( )  
         12 

 
ρm and ρs are the density of the melt and the solid, respectively. Permeability, kϕ, is given by 
the following relationship: 
 

€ 

kϕ =
d2ϕ k

c   
          13 

 
The constant d represents grain size (1 mm in our experiments) and c is a permeability 
constant of 1000 (Spiegelman and McKenzie, 1987; Ghods and Arkani-Hamed, 2000). The 
grain size of upper mantle material ranges from 1 cm (Ghods and Arkani-Hamed, 2000) to 1 
mm (Spiegelman and McKenzie, 1987; Turcotte and Morgan, 1992). Larger grain sizes will 
lead to larger permeability values, and faster fluid velocities. The exponent k represents the 
relative connectivity of the porous media. A value of 2 for k represents a permeability system 
of fully connected tubes, while 3 is related to diffuse heterogeneous and less connected 
systems (Zhu and Hirth, 2003). 
 
Melt migration is rapid enough (1–50 m yr−1: Kelemen et al., 1997) that heat is not lost during 
transport (Furlong and Fountain, 1986). After melt is moved upwards, we change the 
temperature of the region of emplaced melt to represent the heating due to melt injection: 
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€ 

T = Tο + Tm −Tο( ) M
Mmax

 

 
 

 

 
 
 
         14 

 
Mmax is the maximum amount of melt that forsterite can hold. It is set to 0.20 in our models, 
which is the value at which clinopyroxene (cpx) is melted completely, leaving a fully depleted 
olivine (Asimow et al., 2004). T and T0 are the temperatures at the region of emplacement 
after and before melt injection, Tm is the temperature of the melt at the source (we use the 
mantle potential temperature of 1300 ºC in our experiments).  
 
The density of mantle material is affected by depletion and enrichment, and is perhaps the 
primary mechanical parameter affecting crustal deformation by intruding melt (Kohlstedt and 
Holtzmann, 2009). We factor in these effects by adjusting the Boussinesq density equation 
(eq. 7): 
 

€ 

ρ = ρο 1−α T −Tο( )( ) +ϕΔρdepl + MΔρen  
       15 

 
α is heat expansivity, ρ0 is the density at T = T0, Δρdepl is the change in density of depletion, 
Δρen is the change in density due to melt enrichment, and M is the total amount of melt 
(including melt migrated in from elsewhere) in that element. Δρdepl and Δρen have values of 
-72.6 kg m−3 and -500 kg m−3 (Schutt and Lesher, 2006). 
 
Laboratory experiments on mantle rocks with partial melt have demonstrated the weakening 
effect that melt has on olivine and peridotite rich rocks (Mei et al., 2002). Therefore we adjust 
the viscosity according to the flow law for upper mantle materials (eq. 5) with partial melt as 
defined by Mei et al. (2002): 
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Here 

€ 

˙ ′ ε 2   is the second invariant of the strain rate tensor, σ’2 the second invariant of the 
differential stress tensor, A the power law pre-exponent, COH water content, r the water 
content exponent, d grain size, p the grain-size exponent, n the power law index, Q activation 
energy, V activation volume, and R the gas constant. The creep dependence on melt fraction is 
given by the factor exp(-βM/n), where β is found to be around 28 based on laboratory 
experiments of basalt with partial melt (Mei et al., 2002). The high percentage of melt 
fraction, in combination with the hot temperatures, significantly lowers the viscosities of the 
mantle in the region of the magma chamber. 
 

4.3 Model setup 
The model continent is composed of three crustal layers with 12, 11, and 16 km thicknesses 
and an 83-km thick lithospheric mantle that is underlain by upper mantle down to 410 km 
depth (Fig. 12). The 2-D model domain is divided into 700 by 160 finite-element cells, which 
have highest resolution in the future rift region (0.5 km wide by 1 km high over the crust in 
the centre of the model decreasing to 4 by 4 km in the mantle at the bottom corners). The 
initial thermal field has a surface temperature of 0 °C, a Moho temperature of 585 °C and a 
base of the lithosphere temperature of 1337 °C fitting a geotherm for a 120 km-thick 
continental lithosphere (Hasterok and Chapman, 2011). The lithosphere is extended with an 
overall velocity of 1.0 cm yr-1. The outward material flow is compensated by an inflow below 
the lithosphere. One or two weak seeds are placed just below the crust in the centre of the 
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model domain to ensure rift initiation at a location away from the model boundaries. The 
weak seeds have brittle strain-softened properties lower than the crust and mantle. The models 
are run until crustal and lithospheric break-up using Courant time steps between 200 and 
20,000 yrs. Plume models have a plume initial excess temperature of 200 °C. 
 
 

 
Figure 12: Initial numerical model setup for extension of a continent initiated at two inherited weak 
regions.  
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Table 1: Material properties  
Parameter Symb Unit Upper crusta Middle crusta Lower 

crustb,c 
Mantled 

Reference density ρ0 kg m-3 2600 2820 2900 3370 
Reference 
temperature T0 ºC 0 0 0 600 

Thermal expansivity α K-1 - - - 2.5x10-5 

Heat capacity Cp J kg-1 K-1 800 800 800 1000 

Thermal conductivity k W m-1 K-1 2.7069 2.4267 2.2060 82.9–3.0151e 

Heat production H 10-6 W m-3 8.125x10-7 4x10-7 4x10-7 2x10-8 
Angle of internal 
friction φ1, φ2  20º – 10º 20º – 10º 20º – 10º 20º – 10º 

Strain softening 
interval εe  0.5 – 1.5 0.5 – 1.5 0.5 – 1.5 0.5 – 1.5 

Cohesion C MPa 20 20 20 20 

Flow law pre-factorf A Pa−n mp s-1 
(H10-6Si-1)-r 6.31x10-36 6.31x10-36 

Gabbro= 
2.0x10-14, 
Anorth= 
1.58x10-18 

Diffusion= 
1.58x10-15, 
Dislocation=
1.58x10-21 

Flow law exponent n  4.0 4.0 

Gabbro= 
4.0,  
Anorth= 
3.0 

Diffusion = 
1.0, 
Dislocation=
3.5 

Activation energy Q kJ mol-1 135 135 644, 345 530, 375 

Activation volume V 10-6 m3 mol-1 0 0 0, 36x10-6 18x10-6, 
1010-6 

Flow laws from: aHirth et al. (2001); bZhou et al. (2012); cRybacki et al. (2006); dHirth and Kohlstedt (2003). 
eMantle conductivity is 82.9 W m-1 K-1 for T ≥ 1337 ºC and 3.0151 W m-1 K-1 for T < 1337 ºC for the models in 
Figs. 13, 20 and 21. The high value maintains the mantle adiabat in our models, which do not have vigorous 
mantle convection. The models in Figs. 19, 23 and 24 have a mantle conductivity of 3.0151 W m-1 K-1; fA is 
converted to a general state of stress following Ranalli (1987). 
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5. EXPERIMENTS OF MICROCONTINENT FORMATION 

5.1 Continental extension with inherited structures 
Our first model has two seeds just below the Moho that represent in an extremely simplified 
manner deformational structures caused by stretching of the Norway-Greenland margins since 
the Carboniferous (scenario 1 in Chapter 1). We imagine that we pick up Jan Mayen 
evolution about late Cretaceous times. Initial stretching and rifting localises at each of the 
seeds, causing simultaneous crustal thinning until ca. 9 Myr model time (Fig. 13). With time, 
rifting localises in one of the basins, ultimately causing break-up there, while the other rift is 
abandoned. Once rifting shifts to one of the weak regions, the pattern is set and a 
microcontinent will not be created. This type of evolution over inherited structures in 2-D 
models is independent of rheological structure. We find from further tests (not shown here) 
that variations in crustal strength will change the amount of thinning on the abandoned rift. 
But once one of the rifts takes over and becomes the rheologically weaker area (Fig. 13c), the 
other is immediately abandoned in favour of deformation concentrating in the active rift. 
 
This type of model could be seen as representing the initial phase of Jan Mayen development, 
with rifting occurring on each side of the microcontinent in the late stages of the Aegir Ridge 
and the early stages of the Kolbeinsey Ridge. The model clearly shows that inherited weak 
regions alone cannot produce two mid-ocean ridges and that therefore another factor or 
process is required to produce a microcontinent. 
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Figure 13: Continental extension initiated on two inherited weak regions placed just below the Moho 
at 100 km horizontal offset. Extension initially occurs above each weak seed, until one region is 
abandoned and continental break-up occurs in one rift only. a) Setup of the model. This model follows 
rheological setup 2 of Tetreault and Buiter (in prep.) with a wet anorthite lower crust (Rybacki et al., 
2006). b) Evolution of lithologies. The black lines are isotherms with temperatures in ºC. c) Evolution 
of the viscosity field.  
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5.2 Preliminary 3-D models of crustal-scale continental extension with 
inherited structures 
 
It has been suggested that linking of rifts in 3-D may isolate microcontinents (scenario 4 in 
Chapter 1). We have run simple 3-D models to test whether linkage of weak structures in 3-D 
might create circumstances favourable for microcontinent formation. We first test crustal-
scale models in which we can achieve a resolution that is high enough to well resolve brittle 
shear zones (Figs. 14, 16). These crustal-scale models are 360 km by 600 km by 20 (or 40) 
km (width x length x depth) with a resolution of 3 km in each horizontal direction, 1.25 km 
vertically in the upper crust and 2.5 km vertically in the lower crust. The upper crust is a 
brittle material, whereas the lower crust in the second model (Fig. 16) is a weak linear viscous 
material that is essentially providing an isostatic basal boundary to the upper crust. We 
introduce three weak regions offset from each other that represent locations where the Aegir 
Ridge, the Reykjanes Ridge and the Mohns Ridge would form. Our aim with the 3-D models 
is to test whether the weak regions on the left (the model Reykjanes and Mohns Ridges) 
would link up and create a structure resembling the Kolbeinsey Ridge and whether a transfer 
zone resembling the Jan Mayen Fracture Zone would form. 
 
 
 
 

 
Figure 14: Numerical setup for extension in the upper crust.  The total horizontal extension rate, 
indicated by red arrows, is fixed at 1 cm/yr.  Inflow at the base of the model prevents bulk thinning of 
the crust.  A free surface at the top of the model allows topography to develop. The upper crust is 20 
km thick and spans 360 km and 600 km, respectively, in the horizontal (x) and longitudinal (z) 
directions.  Brittle deformation initiates along ‘weak seeds’ (in green) with a reduced angle of internal 
friction. The placement of the weak seeds reflects locations of the Aegir Ridge, the Reykjanes Ridge 
and the Mohns Ridge in a very schematic manner. 
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Figure 15: Numerical results for extension in the upper crust after 2.5 Myr (Top) and 5.0 Myr 
(Bottom) for the setup in Figure 14.  Left: Strain rate invariant at the model surface.  Bands of high 
strain rate mark the surface expression of shear zones. Dashed lines parallel to the x-axis mark the 
location of vertical cross-sections of the strain rate invariant (Right).  The vertical axis in the 3-D 
plots (Right) is exaggerated by a factor of 3. Through time, shear zones above the weak seeds 
propagate longitudinally, but transfer zones fail to develop between horizontally offset week seeds. 
This model made for this report by J. Naliboff, S. Buiter and J. Tetreault. 
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Figures 15 and 17 show that extension in the crustal-scale models localises above the weak 
seeds, creating surface basins. In the upper crust model (Figs. 14, 15) rift propagation is 
limited and extension in the future Kolbeinsey Ridge region remains minor. No strike-slip 
zone that would be the equivalent of the Jan Mayen Fracture Zone forms, but instead the 
model tends towards the formation of two parallel ridges. Introduction of a lower crust leads 
to abandonment of the segments that represent the Reykjanes and Mohns Ridges and instead 
rifting propagates north and south from the weak zone that represents the Aegir Ridge (Figs. 
16, 17). 
 
 
 

 
 
Figure 16: Numerical setup for extension in the upper and lower crust. The numerical model is 
identical to Figures 14 and 15, with the exception of the addition of a weak lower crust (1e19 Pa s) 
and the addition of a 4th seed connecting two horizontally offset weak seeds. This connecting seed was 
added to see if a fracture zone (analogous to the Jan Mayen fracture zone) would initiate. 
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Figure 17: Numerical results for extension in the upper and lower crust after 0.125 Myr (Top) and 
0.25 Myr (Bottom) for the setup in Figure 16. The vertical axis in the 3-D plots (Right) is exaggerated 
by a factor of 1.5. In comparison to models without a lower crust, deformation rapidly focuses on the 
far right weak seed, while shear zones along the left side of the model are abandoned. This model 
made for this report by J. Naliboff, S. Buiter and J. Tetreault. 
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We next test whether the introduction of a lithospheric mantle to 200 km depth and 
temperature-dependent viscous behaviour might modify our findings (Figs. 18, 19). The 
models are 480 km by 480 km by 200 km (width x length x depth). The increased depth of the 
model domain and the non-linear deformation behaviour introduced by the viscous creep law 
necessitate a lower grid resolution of 4–10 km (in each direction) in comparison with the 
crustal-scale models. In this experiment, we have three seeds parallel to the z-axis 
representing inherited weaknesses that are aimed at eventually becoming the Mohns, 
Kolbeinsey, and Aegir ridges. Two seeds, which have a higher viscosity than the ridge seeds, 
connect the offset Aegir seed on the right to the Mohns and Kolbeinsey seeds on the left (Fig. 
18).  These two seeds represent transfer faults. Due to their higher viscosity than the other 
three seeds, they will have a decreased ability to localise deformation. By having increased 
viscosity on the seeds representing the transfer faults, we hope to allow deformation to 
propagate between the two aligned seeds in the left representing the Mohns and Kolbeinsey 
ridges. 
 
Figure 19 show how deformation localises above the weak regions. Despite having “stronger” 
seeds between the ridges, strain does not propagate between the two seeds on the left side of 
the model that represent the Mohns and Kolbeinsey ridges.  Because the transfer zones are 
established and deformation is allowed to localise in these strike-slip shear zones, the two rifts 
do not propagate and join together.  
 
These 3-D models confirm our findings from the 2-D models that inherited structure alone is 
not likely to induce a rift jump, isolating a microcontinent, again pointing to the need of an 
additional factor or process. 
 

 
Figure 18: Numerical setup for lithosphere-scale extension with an irregular rift shape. Three seeds 
(each 160 km long) run parallel to the z-axis and are connected by seeds that are not as “weak.”  
These two connecting seeds approximate the transfer faults between the offset rifts.  Rheological 
properties for this experiment are the same as for the 2-D experiments (Table 1). 
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Figure 19: Numerical results for extension in the upper and lower crust after 4.5 Myr (Top) and 7.2 
Myr (Bottom) for the setup in Figure 18. The vertical axis in the 3-D plots (Right) is scaled by a factor 
of 0.48. In comparison to the crustal-scale 3-D models, deformation focuses only in the regions of the 
seeds. The two rifts on the left side of the model do not propagate and connect because of the transfer 
zone seeds connecting them to the seed on the right side of the model. This 3-D model by J. Tetreault 
and S. Buiter. 
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5.3 Continental extension with inherited structure and hot (plume-derived) 
material 
The simple models with inherited structure (Sections 5.1 and 5.2) illustrate that extension and 
continental break-up will not easily jump to adjacent areas once seafloor spreading has 
localised in a region. Yamasaki and Gernigon (2010) show how instantaneous emplacement 
of hot regions in the uppermost lithospheric mantle may allow an active rift to jump and thus 
produce a microcontinent. However, in this type of models a microcontinent is only produced 
for very specific combinations of the temperature difference and time offset between the 
emplaced temperature anomalies. The results of Yamasaki and Gernigon (2010) illustrate that 
extension can only migrate laterally if the new future centre of extension is weak enough in 
comparison with the rift that needs to be abandoned. We use the insight obtained by the 
models of Yamasaki and Gernigon (2010) to show how a microcontinent can be produced in a 
dynamic rift model with instantaneous emplacement of a large hot body (Figs. 20 and 21). 
 
For this experiment we employ a lithospheric strength profile for a continent with a strong 
lower crust (gabbro). In this setup (Fig. 20), the middle crust contains a thick ductile layer, 
which serves to isolate a crustal block between two zones of deformation, thus creating a 
continental fragment on one margin. This initial crustal rheology allows for two rifts to be 
created from one initial pre-existing weakness. These two rifts will isolate a crustal body that 
will eventually evolve into a continental fragment on one margin. For the extra factor needed 
to produce a microcontinent from a continental fragment, we emplace a hot body under the 
failed basin on the margin with the continental fragment to re-initiate rifting in that basin.   
 
The timing of emplacement and the amount of heat emplaced is important, as noted by 
Yamasaki and Gernignon (2010). If the hot body is not significantly hotter than the country 
rock, the failed rift will not re-initiate. If the hot body is emplaced before the successful rift 
evolves fully to break-up, the failed rift will re-initiate and the previously successful rift will 
be abandoned before going to break-up. In Figure 20 we show an experiment where the 
emplacement temperature and timing has led to the successful creation of a microcontinent.  
 
Without emplacement of a hot body, such as a large magmatic crustal intrusion, the model 
will evolve to one margin with a small continental fragment and another margin with hyper-
extended crust (Fig. 20a,c).  If a hot body under the failed rift is emplaced after crustal break-
up, here ca. 100 Myr, the failed rift separating the continental fragment from the mainland is 
re-initiated (Figs. 20d and 21). Emplacement of a hot body will shift the location of 
deformation almost geologically instantaneously because the failed basin has an already 
weakened and thinned crust and mantle. Therefore, we can conclude that initial rifting in the 
two basins can be concurrent, but final break-up under the two separate basins is not.   
 
A fast jump in rift location agrees with the scenario for Jan Mayen, where the Kolbeinsey 
Ridge became active around the time at which the Aegir Ridge was abandoned, although in 
our model break-up on the left ridge is delayed. In the simple model we instantaneously 
emplaced a hot region. In the next Section we test whether dynamic emplacement of molten, 
hot material by plume impingement might create a microcontinent. 
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Figure 20: Two models showing the effects of inheritance and emplaced hot material. a) Model 
evolution until 97.5 Myr for a model with one inherited seed initially at x = 500 km, just below the 
Moho. The ultraslow extension distributes crustal thinning, leading initially to the formation of two 
rifts. Crustal break-up occurs at the right rift at ca. 100 Myr. c) Continued evolution of the model with 
inheritance until 155 Myr shows that an ocean opens and a continental fragment is produced, but no 
microcontinent. d) When hot material is emplaced in the left rift at 113 Myr (T = 1100 ºC, at x = 390-
430 km and depths -10 to -45 km), break-up is then also produced in the left rift at ca. 160 Myr, 
creating a microcontinent (MC). Full extension rate is 0.2 cm/yr. Initial strength of the materials is 
shown in b). The lower crust follows a gabbro flow law (Zhou et al., 2012). 
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Figure 21: Detailed evolution of the centre part of the model of Figure 20a and d. Rifting initiates at 
one inherited weak region and hot material is emplaced instantaneously at 113 Myr. a) Lithology and 
velocity field, b) temperature and surface heatflow, and c) viscosities. MC = microcontinent. 
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5.4 Extension of models with inherited structure and an impacting plume 
While emplacing a hot body after the passive margin has evolved (Section 5.3) provides us 
with some understanding of timing of rifting events, the emplacement does not occur 
dynamically. In order to dynamically produce a hot intrusive body under the failed rift, a 
plume is necessary. 
 
To simulate this scenario (scenario 6 in Chapter 1), we take the same initial setup as in 
Section 5.1, but introduce a plume that is offset from the two seeds (Fig. 22). The two seeds in 
this experiment do not have the same rheological property: seed 1 is ‘stronger’ than seed 2. 
This difference is necessary so that the rift furthest from the plume will initiate and continue.  
Without this difference in the rheological strength, the uprising plume would always cause the 
rift nearest to it to go to break-up and the farthest seed would not initiate rifting. Thus, our 
setup forces a rift to be created and evolve to break-up before an offset plume impinges on the 
lithosphere. The plume is initiated at the start of the model, by a semi-circle at the base of the 
model with a temperature of 1627 ºC (ΔT = 200 ºC from the base of the model). 
 
 

 
Figure 22. Numerical setup for the experiment with two seeds and a plume. The model uses crustal 
rheology setup 2 of Tetreault and Buiter (in prep.).  This setup is identical as that for the experiment in 
Section 5.1 (Figs. 12, 13) except one seed is rheologically stronger than the other and a plume is 
initiated at the base of the model. 
 
This experiment initially evolves in a similar manner to the model described in Section 5.1. 
Both seeds initiate rifts, but the rift farthest away from the plume (at pre-existing weakness 2) 
evolves farther to continental break-up (Fig. 23a). The left rift (at pre-existing weakness 1) 
fails after ca. 9 Myr. During passive margin rifting, the plume rises. Once the hot plume 
material rises to a depth shallow enough to produce decompression melting, mantle melt starts 
rising into the lithosphere above the plume (Fig. 23b-c). The melt eroding the lithosphere 
helps to focus the direction of the rising plume (Fig. 23c). It should be noted that without melt 
processes, the plume would be deflected toward the already evolved rift, and no 
microcontinent would be formed (Fig. 24). The buoyancy and heat from the rising plume melt 
cause the left rift to re-initiate once the melt has reached the crust (Fig. 23d). Once the rift 
above the plume re-initiates, the extension in the other rift (now seafloor spreading) ceases 
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(Fig. 23d). Rifting continues above the plume and continental break-up and seafloor 
spreading will follow in this location. By the end of the experiment at 17 Myears, both rifts 
show high surface heat flow (Fig. 25). 
 
Some notable results from this experiment are the timing of rift-initiation and the crustal 
thickness of the microcontinent. Once the plume is at a depth to produce melt (close to 
lithospheric depth), rifting and break-up occurs quite rapidly. The magmatic bodies are 
emplaced below the crust and lead to break-up within 2 Myr. This is more rapid than the time 
for rift re-initiation and break-up in the experiment in Section 5.3, which took ca. 47 Myr to 
go from re-initiation to break-up. The reason behind the more rapid break-up with a plume is 
that in this experiment, hot magma is regularly being emplaced under the crust while in 
Section 5.3, there was only one pulse of magmatism simulated. The almost instantaneous shift 
of rift activity of the right rift to the plume-induced left rift is similar to the tectonic setting for 
Jan Mayen, where the Aegir Ridge was abandoned by ca. 30 Ma when rifting jumped to the 
Kolbeinsey Ridge. Seafloor spreading between Jan Mayen and Greenland initiated by 25 Ma 
(or earlier) and was complete by ca. 23-20 Ma (Chapter 3), indicating a slightly longer time to 
achieve break-up in the re-initiated rift than we achieve in the models. This is likely caused by 
the strong focusing effect that the melt has in our models. Perhaps a successful scenario of Jan 
Mayen formation should include one pulse of melt migration and some amount of lateral 
plume flow. 
 
 



 44 

 
Figure 23: Evolution of model with a plume and two rifts. (a) After ca. 9 Myr the left rift fails 
(FR=failed rift) and the right rift continues (SR=successful rift). (b) The plume continues to rise but 
does not affect the ongoing rift, which continues to break-up around 14 Myr. (c) The plume begins to 
impinge into the lithosphere under the FR and emplace melt below the crust. (d) After enough hot 
magma has been emplaced under the crust of the FR, the FR re-initiates (ca. 17 Myr) and deformation 
jumps to this location, abandoning seafloor spreading at the SR. MC=microcontinent. The evolution 
of surface topography and heat flow is shown in Figure 25. 
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Figure 24: Evolution of model with plume and two rifts, but no melt processes. (a) After ca. 9 Myr the 
left rift fails (FR=failed rift) and the right rift continues (SR=successful rift). (b) The plume continues 
to rise, but does not affect the ongoing rift, which continues to break-up around 14 Myr. (c) The plume 
begins to impinge into the lithosphere under the FR and is being deflected towards the SR. (d). Plume 
material flows into the seafloor spreading SR. No microcontinent is produced. 
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Another important result is that the microcontinent crust in this experiment has undergone 
virtually no thinning and has narrow margins. This crustal structure is similar to that of 
Seychelles, which has a crustal thickness of 39 km, similar to that of mainland India. Whereas 
for Jan Mayen, the crustal thickness varies from 7 to 24 km, indicating significant thinning 
occurred prior to plume-related break-up. 

The plume does not create significant disturbances to the surficial topography or heatflow 
until the overlying lithosphere has been thinned (Fig. 25).  Magmatic underplating of the thick 
continental crust (Fig. 23c) does produce a minor uplift from the buoyant melt, but the surface 
heat flow remains low (Fig. 25c).  In our geodynamic models, melt does not migrate laterally 
significantly during underplating, thus leaving underplated magma only at the margins and 
not under the microcontinent.   

 
 

 
Figure 25: Evolution of surface topography and heat flow for the model with a plume, two rifts, and 
melt (Fig. 23). (a) After ca. 9 Myr the left rift fails (FR=failed rift) and the right rift continues 
(SR=successful rift). (b-c) The plume continues to rise but does not affect the overlying topography or 
heat flow. (d) The plume-related melt that has underplated the FR initiates rifting and break-up, which 
is reflected in the topography and heat flow. MC=microcontinent. 
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6. CONCLUSIONS  
The formation of the Jan Mayen microcontinent represents an intriguing mechanical challenge 
because of the difficulty to initiate continental break-up in a new location at the Kolbeinsey 
Ridge once seafloor spreading was already underway at the Aegir Ridge. Based on a review 
of the present literature, we arrived at the following scenario for the evolution of the Jan 
Mayen microcontinent: 
 
(1) Parts of proto-Jan Mayen were involved in the Caledonide collision (430–420 Ma), 

creating heterogeneous crustal and lithospheric lithologies with inherited shear zones. 
(2) Rifting between Norway and Greenland occurred in several phases from the 

Carboniferous onwards. Also the crustal blocks of Jan Mayen underwent some amount 
of extension during this time. 

(3) Seafloor spreading on the Aegir Ridge started 55–53 Ma, separating Jan Mayen from 
Norway. 

(4) The Aegir Ridge was abandoned at some time between 34–25 Ma. Since the last stages 
of rifting were ultraslow and disorganised, we place cessation of rifting at ca. 30 Ma. 

(5) Rifting jumped to the Kolbeinsey Ridge on the western side of Jan Mayen at ca. 25–24 
Ma or earlier. Break-up on the Kolbeinsey ridge was complete by ca. 23–20 Ma, 
isolating the Jan Mayen microcontinent. 

(6) The North Atlantic Igneous Province, initiated at 63–61 Ma, has been related to the 
Iceland Plume. The hotspot (fixed or mobile) was in a location directly west of future 
Jan Mayen from ca. 40–30 Ma. 
 

Structurally, Jan Mayen is composed of a few continental crustal blocks, including the Jan 
Mayen Ridge and the Southern Ridge complex. The Jan Mayen Ridge is less then 100 km 
wide. The crustal thickness of Jan Mayen varies between 7 and 24 km, excluding sediments. 
The eastern margin of Jan Mayen is classified as magmatic, based on intrusions in the 
sedimentary sequences, seaward dipping reflectors, and possible magmatic underplating. The 
western margin is usually considered non-magmatic, but does have sill-like intrusions in the 
sedimentary layers and a thicker than average oceanic crust, which point to a mantle-melt 
influence. 
 
We used numerical models to test formation of the Jan Mayen microcontinent by localisation 
on inherited structure, potentially enhanced by warm material of the Iceland Plume. Our 
models show that a plume is needed to shift the locale of deformation from seafloor spreading 
to continental crust in extension. Once hot material from a plume is emplaced into the 
lithosphere, re-initiation of the failed rift and the ensuing time to break-up is rapid (a few 
Myr). The rapid break-up time due to magmatic underplating leads to a microcontinent that 
has narrow margins and a relatively unthinned crust.   
 
The Jan Mayen microcontinent has a crust that varies in thickness and is covered by pre-
Cretaceous to Cenozoic sediments, which suggests that Jan Mayen has undergone an earlier 
extension stage, similar to when a continental fragment is produced in an ultraslow rift 
setting, prior to the plume-related break-up from Greenland. We have shown through 
geodynamic experiments that the extension rate and the crustal rheology of the extending 
continent will both play important roles in producing continental fragments on passive 
margins. We propose that Jan Mayen was produced by two stages. First, rifting between 
Greenland and Norway led to Jan Mayen existing as a continental fragment on the Greenland 
margin. Second, the Iceland plume produced the necessary process to reinitiate the failed rift 
between Jan Mayen and Greenland and rapidly separate the two. The western Jan Mayen 
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margin would then have undergone two major pulses of heat flow and uplift due to rifting, the 
first pulse related to the extension phase that led to break-up between Jan Mayen and Norway 
and the second pulse related to re-initiation of rifting after emplacement of magma by the 
Iceland plume leading to break-up between Jan Mayen and Greenland. 
 
Our geodynamic experiments with a plume indicate that melt migration will focus strain in 
the mantle and therefore direct the plume upwards into relatively undeformed continental 
crust. On the other hand, our experiment with a plume and no melt shows that the plume will 
flow laterally at the base of the lithosphere towards the location with ongoing seafloor 
spreading. In the Jan Mayen-Greenland-Norway system, there are voluminous amounts of 
magmatic material on the Norwegian margin, but geophysical observations point to only 
limited amounts of magmatic material on Jan Mayen’s margins.  From our two plume models, 
we infer that the Iceland plume flowed laterally below the Greenland-Jan Mayen lithosphere 
before producing melt that focused deformation to break up Jan Mayen from Greenland.   
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